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ABSTRACT 
 
 

Stretching ~3,500 km across Antarctica, with peak elevations up to 4,500 m, the 

Transantarctic Mountains (TAMs) are the largest non-compressional continental mountain range 

on Earth and represent a tectonic boundary between the East Antarctica (EA) craton and the 

West Antarctic Rift System.  The origin and uplift mechanism associated with the TAMs is 

controversial, and multiple models have been proposed.  Seismic investigations of the TAM’s 

subsurface structure can provide key constraints to help evaluate these models, but previous 

studies have been primarily focused only on the central TAMs near Ross Island.  Using data 

from the new 15-station Transantarctic Mountain Northern Network as well as data from several 

smaller networks, this study investigates the upper mantle velocity structure beneath a previously 

unexplored portion of the northern TAMs through regional body wave tomography.  Relative 

travel-times were calculated for 11,182 P-wave and 8,285 S-wave arrivals from 790 and 581 Mw 

≥ 5.5 events, respectively, using multi-channel cross correlation, and these data were then 

inverted for models of the upper mantle seismic structure.  Resulting P- and S-wave tomography 

images reveal two focused low velocity anomalies beneath Ross Island (RI; δVP ≈ -2.0%; δVS ≈  

-1.5% to -4.0%) and Terra Nova Bay (TNB; δVP ≈ -1.5% to -2.0%; δVS ≈ -1.0% to -4.0%) that 

extend to depths of ~200 and ~150 km, respectively. The RI and TNB slow anomalies also 

extend ~50-100 km laterally beneath the TAMs front and sharply abut fast velocities beneath the 

EA craton (δVP ≈ 0.5% to 2%; δVS ≈ 1.5% to 4.0%).  A low velocity region (δVP ≈ -1.5%), 

centered at ~150 km depth beneath the Terror Rift (TR) and primarily constrained within the
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Victoria Land Basin, connects the RI and TNB anomalies.  The focused low velocities are 

interpreted as regions of partial melt and buoyancy-driven upwelling, connected by a broad 

region of slow (presumably warm) upper mantle associated with Cenozoic extension along the 

TR. Dynamic topography estimates based on the imaged S-wave velocity perturbations are 

consistent with observed surface topography in the central and northern TAMs, thereby 

providing support for uplift models that advocate for thermal loading and a flexural origin for the 

mountain range. 
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1.0 INTRODUCTION 

 The Transantarctic Mountains (TAMs) represent one of the major Cenozoic, non-

collisional mountain ranges in the world (ten Brink et al., 1997) and serve as a tectonic boundary 

that separates two distinct geologic regions: the stable East Antarctic (EA) craton and the West 

Antarctic Rift System (WARS; Fig. 1).  The TAMs stretch ~3,500 km across Antarctica, with 

elevations as high as ~4,500 m (Fitzgerald, 2002); however, the tectonic origin of this mountain 

range remains uncertain.  Age dating of exposed rocks in the McMurdo Dry Valleys near the 

central TAMs constrain the main period of uplift to be in the early Cenozoic, at ~55 Ma 

(Fitzgerald et al., 1986).  The TAMs show no evidence of a typical Cordilleran-type or 

continental collision-type orogenic event (Stern and ten Brink, 1989), and a variety of other 

uplift mechanisms have been proposed (e.g., Stern and ten Brink, 1989; Lawrence et al., 2006; 

Studinger et al., 2004; Karner et al., 2005; Bialas, 2007).  To better assess the validity of these 

competing uplift models, geophysical investigations are required to determine the crustal and 

upper mantle structure beneath the TAMs, thereby providing insight into the geologic and 

geodynamic processes controlling this enigmatic region of Antarctica. 

 Past and ongoing seismic investigations (Fig. 1) in Antarctica have greatly contributed 

to our understanding of the continent’s tectonic history.  Much of our current knowledge about 

the TAMs comes from the Transantarctic Mountains Seismic Experiment (TAMSEIS), which 

operated from November 2000 to December 2003.  Tomographic images of the seismic velocity 

structure generated with TAMSEIS data have shown a distinct low-velocity anomaly in the 
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upper mantle beneath Ross Island, extending ~50-100 km beneath the TAMs front (Watson et 

al., 2006; Lawrence et al., 2006).  It has been suggested that this slow velocity signature is 

associated with a hot, thermally buoyant anomaly, leading to flexural uplift of the TAMs.  

However, the TAMSEIS array only provided coverage of a small portion of the mountain range 

(Fig. 2), and it is unclear whether this low-velocity feature extends northward of Ross Island.  

Many questions remain about the upper mantle structure along-strike of the TAMs, requiring 

expansion of Antarctic seismic investigations.   

 In 2012, the Transantarctic Mountains Northern Network (TAMNNET; Fig. 2) was 

deployed to fill a gap in the station coverage within the northern TAMs and into Victoria Land.  

This array includes fifteen broadband seismic stations distributed between the Ross Sea coastline 

and the Wilkes Subglacial Basin (WSB) within East Antarctica (Figs. 1-2).  Additional station 

coverage in this area is provided by two small seismic arrays: the David Glacier Network (Fig. 

2), which included four stations and was only deployed for a short time period between 

November 2003 and January 2004, and a seven-station network deployed around Mt. Melbourne, 

operated by the Korea Polar Research Institute (KOPRI; Fig. 2).  The addition of these seismic 

stations, particularly the TAMNNET and KOPRI networks, allows for more in-depth 

investigations of the TAMs along-strike structure, thereby allowing further assessment of the 

origin and uplift mechanisms associated with this mountain range. 

In this study, I investigate the upper mantle velocity structure beneath the northern TAMs 

to further assess the extent of the low-velocity structure identified by previous TAMSEIS 

investigations (Watson et al., 2006; Lawrence et al., 2006).  Using travel-time data from P- and 

S-waves recorded by the TAMNNET, KOPRI, David Glacier, and TAMSEIS networks, I have 

generated the first regional-scale body wave velocity models for the northern TAMs and Victoria 
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Land.  These new, high-resolution models are used to further evaluate proposed uplift 

mechanisms and to enhance our knowledge of the geodynamic processes occurring along the 

boundary between the EA craton and the WARS. Ultimately, this has significant implications for 

understanding the tectonic evolution of the TAMs as well as the continent of Antarctica. 
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Figure 1: Subglacial Topography of Antarctica. Topography values are from the ETOPO1 
model (Amante and Eakins, 2009), with grounding lines highlighted in black. The red polygon 
defines the study area shown in Figure 2.  Triangles indicate seismic stations, color-coded by 
network (see legend).  AGAP: Antarctica Gamburtsev Province, POLENET: Polar Earth 
Observing Network.  EA: East Antarctica, WSB: Wilkes Subglacial Basin, NVL: Northern 
Victoria Land, TAMs: Transantarctic Mountains, WARS: West Antarctic Rift System, MBL: 
Marie Byrd Land, TI: Thurston Island, EWM: Ellsworth-Whitmore Mountains, AP: Antarctic 
Peninsula. 
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Figure 2: Map of Study Area and Station Locations.  Stations (triangles) are color-coded by 
network (see legend).  Bedrock topography is again from the ETOPO1 model (Amante and 
Eakins, 2009).  Dashed black line denotes the boundary of the Victoria Land Basin (modified 
from Huerta and Harry, 2007), and the white shaded region denotes the Terror Rift (modified 
from Bannister et al., 2003). 

 

 

 

 

 



 6 

2.0 GEOLOGIC BACKGROUND OF ANTARCTICA 

2.1 Tectonic Overview 

Antarctica is extensively covered by thick ice sheets, and bedrock exposure across the 

continent comprises less than 1% of the land surface.  Interestingly though, that 1% of land 

surface is almost equal to the entire land surface of Australia (Tingey, 1991), and the bedrock 

geology has been extensively studied since the first scientific expeditions to Antarctica in the 

early twentieth century (Dalziel, 1992). 

East Antarctica (Fig. 1) is predominantly composed of Archean to Paleoproterozoic 

(3,000-1,600 Ma) cratonic basement rock (Fitzsimons, 2000a).  Some studies have suggested that 

East Antarctica amalgamated during the formation of Rodinia (Tingey, 1991; Dalziel, 1992), but 

others have suggested a more complicated history of multiple orogenic events through the late 

Neoproterozoic- Early Cambrian (Zhao et al., 1992; Fitzsimons, 2000a, b; Boger et al., 2001).  

From the assembly of Rodinia to the construction of Gondwana, supercontinent reconstructions 

show East Antarctica as being contiguous with Africa, India, and Australia.  The paleo-pacific 

margin of the EA craton evolved from Neoproterozoic rifting to an active margin of 

compression, subduction, and magmatism associated with the Ross Orogeny beginning in the 

Middle to Late Cambrian (520-500 Ma; Dalziel, 1992; Foden et al., 2006). The Ross Orogeny 

caused a cessation of Cambrian sedimentation, uplift, and folding, and induced intrusive and 

metamorphic events that formed the basement of the TAMs (Borg et al., 1990; Stump, 1995). 

While it is widely agreed that East Antarctica is a stable Precambrian craton that 

occupied a major part of the Gondwana supercontinent from 550-200 Ma, the Paleozoic-
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Mesozoic reconstruction of West Antarctica remains less certain (Dalziel and Elliot, 1982).  

Following the ocean-ward movement of the convergent margin away from the EA boundary, the 

multiple and distinct crustal blocks forming West Antarctica began to assemble (Dalziel, 1992).  

These micro-plates include the Ellsworth-Whitmore Mountains (EWM), the Antarctic Peninsula 

(AP), Thurston Island (TI), and Marie Byrd Land (MBL), each of which moved relative to one 

other and relative to the EA craton during the breakup of Gondwana (Fig. 1; Dalziel and Elliot, 

1982).  Gondwana breakup began in the Early Jurassic, with stretching between east and west 

Gondwana, and following the final separation of Australia and India from East Antarctica in the 

Early Cretaceous, the East and West Antarctic geologic terranes became isolated at the South 

Pole (Lawver et al., 1992; Fitzgerald, 2002).  This separation led to the development of the 

circum-Antarctic current and thermal isolation of the continent (Fitzgerald, 2002), and West 

Antarctica began to extend and rift. 

West Antarctica has undergone multiple episodes of lithospheric extension, including the 

initiation of the WARS (Fig. 1; Huerta and Harry, 2007).  The WARS is one of the largest rift 

systems on Earth, comparable in size to the Basin and Range Province in North America and the 

East African Rift System (Behrendt, 1999).  Paleomagnetic measurements (Behrendt and 

Cooper, 1991; Davey and Brancolini, 1995; DiVenere et al., 1994) indicate that the WARS has 

experienced at least 300 km of displacement, and it has been suggested that extension occurred 

during two distinct stages: the first during the late Cretaceous and the second during the late 

Paleogene (Schmidt and Rowley, 1986; Huerta and Harry, 2007).  The second stage of rifting 

was focused adjacent to the northern TAMs in the Victoria Land Basin (Huerta and Harry, 

2007), bounded by Mt. Erebus and Ross Island to the south and by Mt. Melbourne to the north 

(Fig. 2).  This focused rift zone, known as the Terror Rift (Cooper et al., 1987), is primarily 
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characterized by extensional normal faulting within offset sub-basins, bounded by transverse 

structures.  Recent deformation is believed to post-date 17 Ma, with faulting potentially still 

occurring today (Hall et al., 2007).       

 

2.2 Geologic Background of the Transantarctic Mountains 

The TAMs basement consists of Precambrian to Paleozoic metamorphic and intrusive 

rocks that are associated with the Ross Orogeny and date to ~500 Ma.  These include the Granite 

Harbour Intrusive Complex, which is presently exposed along the TAMs margin (Fig. 3; Borg et 

al., 1990).  The Ross Orogenic basement is overlain by the Beacon Supergroup: a flat-lying 

sedimentary sequence of shallow marine and fluvial origin (Barrett, 1991), deposited in the 

Devonian-Triassic.  The basement and sedimentary strata are unconformably separated by the 

Kukri Peneplain, a distinct erosional surface dipping gently to the west that developed following 

the exhumation of the Precambrian basement (Barrett, 1991).  Intrusive dolerite sills and the 

extrusive Kirkpatrick basalt, part of a short lived eruptive continental flood basalt province, 

overlie the Beacon Supergroup and are temporally related to the initial rifting and breakup of 

Gondwanaland in the Jurassic (Fig. 3; Heimann et al., 1994). 

Both the Ross Orogenic basement and Beacon Supergroup are intruded by the Jurassic 

Ferrar dolerite sills, which lie parallel to the Kukri Peneplain (Fitzgerald et al, 1986).  This 

parallel relationship can be used to estimate the tectonic movement post-dating the Jurassic 

intrusions (Fitzgerald et al., 1986) since the Kukri Peneplain and overlying Beacon Supergroup 

would record folding or faulting related to tectonic events between the Mesozoic and the present.  

Such structural features are absent from these geologic units, indicating the lack of a collisional 

tectonic event.  Following the period of Jurassic magmatism, a ~160 Myr gap in the on-land 
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geologic record exists within the TAMs.  The youngest rocks within the mountain range are 

associated with Neogene volcanism, leading to the McMurdo Volcanic Group along the central 

TAMs front, which were erupted at ~19 Ma (Kyle and Muncy, 1989).   

 The uplift history of the TAMs has been examined with a variety of approaches.  

Apatite fission-track thermochronology (AFTT) analysis on basement rocks from the central 

TAMs indicates multiple phases of uplift since the Jurassic, including the Early Cretaceous, the 

Late Cretaceous, and the Early Cenozoic (Fitzgerald, 2002).  The most significant uplift of ~5 

km occurred during an Early Cenozoic exhumation event, at ~55 Ma (Fitzgerald et al., 1986; 

Fitzgerald, 2002).  The AFTT records closely match stratigraphic estimates of uplift.  At 80 Ma, 

the Kukri Peneplain was buried at ~4 km depth (Lisker and Läufer, 2013), but today, it is at 500-

4,000 m above sea level (Fitzgerald and Stump, 1997).  These observations are consistent with 

an uplift rate of ~100 m/Myr (Fitzgerald et al., 1986; Fitzgerald, 2002). 
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Figure 3: Generalized Stratigraphic Column of the central TAMs.  Modified from Cooper 
(2002). 
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2.3 Proposed TAMs Uplift Mechanisms 

 Because the TAMs lack evidence for either a continental collision- or subduction-

related origin (ten Brink et al., 1997), multiple alternative models have been proposed to explain 

the enigmatic uplift history of the mountain range.  For example, an early study by Fitzgerald 

(1986), based on geologic and apatite fission track data, suggested that strain associated with the 

development of the Ross Embayment was not equally partitioned between the crust and 

subcrustal lithosphere, leading to isostatic uplift of the TAMs.  Buoyancy from magmatic 

underplating following the deposition of the Beacon Supergroup was also suggested.  In later 

years, Stern and ten Brink (1989), ten Brink and Stern (1992), and ten Brink et al. (1997), instead 

proposed a lithospheric flexure model based on subglacial bedrock topography profiles and 

gravity data (Fig. 4a).  They suggested that trans-tensional motion from a tectonic event during 

the Eocene may have broken the lithosphere along the western edge of East Antarctica and that 

lateral heat conduction from hotter mantle beneath the WARS would provide a thermal load, 

leading to the TAMs uplift.  Isostatic rebound associated with glacial erosion was also suggested 

as a contributing uplift factor in their model (Stern and ten Brink, 1989; ten Brink and Stern, 

1992; ten Brink et al., 1997; Stern et al., 2005).  It is also worth noting that Stern and ten Brink 

(1989) suggested that such a flexure model could also explain the origin of the WSB. 

More recent studies based on aerogeophysical gravity and magnetic data instead suggest 

that the TAMs are associated with rift flank uplift and climate-induced erosional unloading 

(Studinger et al., 2004; Karner et al., 2005).  Unlike the flexure models (Stern and ten Brink, 

1989; ten Brink and Stern, 1992; ten Brink et al., 1997; Stern et al., 2005), these studies do not 

advocate for a thermal load beneath the TAMs and instead suggest that a relatively thick (~5 km) 

crustal root helps to isostatically support the high topography of the TAMs (Fig. 4b).  
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Geodynamic modeling also supports the idea of a crustal root beneath the TAMs (Bialas et al., 

2007; Huerta and Harry, 2007; van Wijk et al., 2008).  For instance, Bialas et al. (2007) suggest 

that a ~300 km-wide plateau, with a crustal thickness of 55 km, collapsed during the major 

period of WARS extension during the Cretaceous.  In this model, the TAMs and the active 

margin of Gondwana (New Zealand and MBL) represent opposite edges, or rift flanks, of the 

collapsed plateau, both underlain by thick crust (Fig. 4c).  Alternatively, Lawrence et al. (2006) 

used their analysis of seismic data to suggest a hybrid model that combines thermal buoyancy, 

lithospheric flexure, erosional unloading, and a crustal root to explain both the uplift and support 

of the mountain range (Fig. 4d).  
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Figure 4: Summary of Uplift Models Suggested for the TAMs.  (a) Stern and ten Brink 
(1989) model, where thermally-induced flexure, erosion, and sediment loads contribute to the 
TAMs uplift. (b) Studinger et al. (2004) model of thick crust and rift-flank uplift. (c) Bialas et al. 
(2007) model of plateau collapse and thickened crust. (d) Lawrence et al. (2006) model 
combining thickened crust, lithospheric flexure, and a thermal component to explain the TAMs 
uplift. 
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2.4 Previous Seismic Investigations of the TAMs 

 The crustal and upper mantle structure beneath the TAMs are key constraints to 

differentiating between the proposed origin mechanisms described in Section 2.3.  Crustal 

structure in the vicinity of Ross Island has been investigated by numerous studies, particularly 

those based on TAMSEIS data.  Lawrence et al. (2006), for instance, modeled P-wave receiver 

functions and suggested that the crust thickens from the Ross Sea coast inland, with a maximum 

crustal thickness of 40 ± 2 km beneath the crest of the mountain range.  They also suggest that 

the crust further inland beneath East Antarctica is ~35 km thick, which would imply that the 

TAMs are underlain by a ~5 km thick crustal root.  Alternatively, Hansen et al. (2009) modeled 

S-wave receiver functions generated using the same TAMSEIS data and found little to no 

evidence for a crustal root beneath the mountain range in this area.  Further, Hansen et al. (2016) 

applied the same methodology to the TAMNNET dataset in the northern TAMs and again found 

only minimal evidence for a small crustal root.  These findings are inconsistent with the models 

suggested by Studinger et al. (2004) and Bialas et al. (2007), for instance, and instead suggest 

that crustal buoyancy does not play a significant role in TAMs uplift.  

The upper mantle seismic structure beneath the TAMs has also been investigated, with 

both continental- and regional-scale tomographic studies.  Continental-scale models generally 

show seismically fast and presumably cold material beneath the EA craton, with seismically slow 

and presumably hot material beneath the WARS (Morelli and Danesi, 2004; Sieminski et al., 

2003; Ritzwoller et al., 2001; Danesi and Morelli, 2001; Hansen et al., 2014).  The TAMs appear 

to coincide with the boundary between these seismically distinct areas in the continental-scale 

models; however, the spatial resolution of these models is on the order of ~600-1000 km, so it is 

difficult to discern exactly where the boundary is located.   
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 Regional seismic studies of Ross Island and the central TAMs based on TAMSEIS data 

show a low velocity anomaly beneath Ross Island that extends to ~300 km depth.  This anomaly 

laterally extends ~50-100 km beneath the TAMs front (towards East Antarctica) as well as north 

along Terror Rift, adjacent to the TAMs (Fig. 5; Watson et al., 2006; Lawrence et al., 2006).  

However, the TAMSEIS studies lose resolution away from Ross Island, making the full extent of 

this feature unknown.  More recently, Graw et al. (2016) generated surface wave tomographic 

images beneath the northern TAMs using data from the TAMNNET deployment.  They observe 

a low velocity feature within the upper mantle beneath Ross Island, similar to that imaged by the 

TAMSEIS studies (Watson et al., 2006; Lawrence et al., 2006), but they also highlight additional 

low velocities further to the north, beneath both Mt. Melbourne and northern Victoria Land (Fig 

6).  Graw et al. (2016) suggest that these slow anomalies are part of the same system and are 

associated with extension along the Terror Rift; however, the lateral resolution provided by the 

surface wave approach limits their ability to definitively test this hypothesis.  If the slow 

anomalies are connected, this has important implications both in terms of the source of the slow 

seismic velocities and in their relation to the uplift of the TAMs. 

 The current study focuses on using P- and S-wave travel-time data from regional 

seismic networks to generate body wave tomographic models of the upper mantle structure 

between Ross Island and the northern TAMs.  This study builds upon previous investigations to 

improve resolution and to constrain the extent of identified low velocity anomalies in the upper 

mantle.  Insights into the along-strike variability of the seismic structure along the TAMs front 

will help to identify the source of the low velocity anomalies and how they relate to proposed 

uplift mechanisms for the mountain range. 
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Figure 5: Watson et al. (2006) P-wave Velocity Model. This model is focused on the central 
TAMs and was generated using the TAMSEIS dataset.  A low velocity anomaly is observed 
beneath Ross Island, extending vertically to ~300 km depth and laterally ~50-100 km beneath the 
central TAMs front.  This model also identifies low velocities along the Terror Rift, but resolution 
is significantly reduced away from Ross Island. 
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Figure 6: Graw et al. (2016) Shear Wave Velocity Model.  This model was generated using 
the new TAMNNET dataset.  Slow velocities are observed beneath Ross Island, along the 
Terror Rift (TR), beneath Mt. Melbourne (MM), and extending beneath northern Victoria 
Land (NVL).  Dotted lines surround exposed volcanic rocks of the Erebus Volcanic Province 
(EVP) and Hallett Volcanic Province (HVP).  This model poorly resolves structure below 
~160 km depth.    
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3.0 DATA AND METHODOLOGY 
 

3.1 Seismic Stations and Teleseismic Events 

 The dataset utilized for this study was developed from four temporary seismic networks 

deployed throughout Victoria Land and the northern TAMs: TAMNNET, KOPRI, TAMSEIS, 

and the David Glacier network (Fig. 2).  Most of the data were recorded by TAMNNET, an array 

of fifteen broadband seismic stations installed in November-December 2012, which continuously 

recorded three years of earthquake data until the network was demobilized in November-

December 2015. Ten TAMNNET stations, spaced ~30 km apart, were deployed along a linear 

transect, beginning ~55 km north of Mt. Melbourne near the Ross Sea coast and extending across 

the northern TAMs into the eastern WSB (Fig. 2; Hansen et al., 2015).  The remaining five 

stations were deployed south of the TAMNNET transect within the East Antarctic Plateau, with 

the southernmost TAMNNET station, KNYN, reoccupying a site from the previously deployed 

TAMSEIS array.  The KOPRI network operated during roughly the same time period as the 

TAMNNET array. Four KOPRI-operated seismometers (KP01, KP02, KP03, KP04) were 

deployed around Mt. Melbourne adjacent to Terra Nova Bay in the Antarctic summer of 2010-

2011, and in January 2011, one additional station (KP05) was deployed on the Mt. Melbourne 

summit (Fig. 2).  Two additional KOPRI stations (KP07, JBG2) were added to this array during 

the 2014 Antarctic summer field season. 

  In addition to these recently deployed networks, seismic data were also provided by the 

TAMSEIS and David Glacier arrays.  TAMSEIS originally consisted of 42 temporary broadband 
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seismic stations distributed across the central portion of the TAMs near Ross Island and further 

into East Antarctica (Figs. 1-2).  This network recorded data during the austral summer months 

between November 2000 and December 2003.  For the current study, 21 of the original 42 

stations were employed, including a fifteen station, east-west oriented transect that extended 

across the central TAMs from the eastern WSB to the Ross Sea coastline, ~100 km west of Ross 

Island (Fig. 1), as well as six additional stations that were deployed on Ross Island (CBRI, 

CCRZ) and along the TAMs front (MAGL, N000, CPHI, CBOB).  The David Glacier seismic 

network, which included four stations, was deployed just south of Terra Nova Bay (Fig. 2).  

These sensors only operated for ~3 months, between November 2003 and January 2004.  In total, 

data from 47 stations across these four different seismic networks were incorporated into the 

analysis. 

The applied methodology focuses on direct P- and S-wave phases from teleseismic events 

(i.e., those more than 1000 km away from the Antarctic recording stations).  To prevent 

interference from other seismic phases, earthquakes were limited to epicentral distances of 

30°−85° for P-waves and 30°−90° for S-waves, and a minimum moment magnitude (Mw) of 5.5 

was required to promote events with high signal-to-noise ratios (Fig. 7).  All data were rotated 

from the north-east-vertical to the radial-transverse-vertical coordinate system, and the 

instrument response was removed.  A 0.4−2.0 Hz band-pass filter was applied to the vertical 

component to enhance the P-wave signal, while a 0.04−0.20 Hz band-pass filter was applied to 

the transverse component to enhance the S-wave signal.  The total dataset includes 11,182 P-

wave arrivals from 790 events and 8,285 S-wave arrivals from 581 events.  However, it is worth 

noting that the amount of data collected between the four different seismic arrays is disparate, 

with significantly more data being provided by the TAMNNET and KOPRI stations compared to 
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the TAMSEIS and David Glacier networks.  Therefore, the TAMSEIS and David Glacier data 

were given 3x extra weight in the inversion.  This up-weighting helps to balance the dataset and 

to reduce bias towards the TAMNNET and KOPRI observations.   
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Figure 7: P- and S-wave Earthquake Epicenter Maps. Red dots denote the epicenters of 
earthquakes used in the (a) P-wave inversion and (b) S-wave inversion.  The yellow star on each 
panel marks the center of the study area.  Epicentral distances are marked in 30° increments by 
the concentric circles. 
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3.2 Relative Arrival Time Calculation 

 Relative P- and S-wave arrival times were calculated using the multi-channel cross-

correlation (MCCC) technique, implemented with the Automated and Interactive Measurement 

of Body-wave Arrival Times (AIMBAT) software package (Lou et al., 2013).  Manually picking 

absolute arrival times for hundreds of earthquakes recorded by multiple stations is a laborious 

effort that is prone to human error; MCCC instead provides a semi-automated procedure to 

obtain relative arrival time estimates, thereby removing the need for manual picking (VanDecar 

and Crosson, 1990).  Additionally, relative travel-time residuals, which are the difference 

between observed and predicted arrival times, are more typically used for seismic tomography 

than absolute travel-times because relative residuals are less sensitive to the effects of earthquake 

origin time miscalculations and hypocenter location errors (Zhao, 2015).  Theoretically, the P- 

and S-wave raypaths originating from teleseismic events travel through similar media, 

particularly in the lower mantle.  Additionally, the crust and upper mantle anomalies near an 

earthquake’s focus are assumed to be similar for each teleseismic event used.  Thus, the relative 

travel-time residual is predominantly affected by upper mantle velocity variations beneath the 

study area (Fig. 8). 

  Preliminary theoretical P- and S-wave arrival times were first calculated for each event-

station pair using the IASP91 1-D global reference Earth model (Kennett and Engdahl, 1991) 

with station-specific corrections for ice and crustal thicknesses (Table 1; Hansen et al., 2016).  

These theoretical arrival times were also corrected for Earth’s ellipticity.  For a given event, the 

AIMBAT algorithm initially aligns the traces (i.e., vertical component recordings for P-waves or 

transverse component recordings for S-waves) from all stations using the theoretical arrival times 

(Fig. 9).  This is denoted as the coarse alignment.  Next, an absolute reference time is determined 
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by picking the emergent phase from an array stack, and a cross-correlation time window is 

defined.  For the direct P-waves, this time window generally encompasses ~3.0 seconds of the 

recorded signal (~1 second before and ~2 seconds after the P-wave onset).  For direct S-waves, 

the time window is broader, generally encompassing ~15 seconds of the recorded signals (~5 

seconds before and ~10 seconds after the S-wave onset) since S-waves have longer period 

signatures.  Ideally, the cross-correlation time window should only capture the phase of interest.  

If the time window is too large, undesired signals or noise could be incorporated into the cross-

correlation (Lou et al., 2013).   

The AIMBAT algorithm then implements a second, refined alignment of the traces using 

the pick from the array stack within the cross-correlation time window (Fig. 10).  These refined 

arrival times are used in the MCCC algorithm.  MCCC first determines a time shift between the 

ith and jth traces to maximize their corresponding cross-correlation coefficient, and this is 

repeated for each pair of traces for a given event (Fig. 11).  Since time shifts vary between each 

pair of traces and since each trace inevitably contains noise, the time shifts between each trace 

pair are not consistent.  Therefore, an optimized set of MCCC-corrected relative arrival times is 

generated using least squares minimization of the delay times between each cross-correlated 

trace (VanDecar and Crosson, 1990).  Thus, the relative travel-time residual for the ith trace at a 

given station, ∆ri, is calculated by: 

                                                          Δ𝑟𝑖  =   𝑅𝑖 – 𝑇! –
𝑇!𝑁

𝑖!!
𝑁

                                    (1) 

where Ri is the optimized MCCC-corrected relative arrival time, T0 is the absolute predicted 

arrival time, 𝑇!𝑁
𝑖!!

𝑁
  is the mean theoretical arrival time, N is the number of arrival times, and 

𝑇! –
𝑇!𝑁

𝑖!!
𝑁

    is the zero-mean predicted arrival time (VanDecar and Crosson, 1990).  To get 
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a general sense of trends across the study area, average P- and S-wave travel-time residuals were 

computed for each station.  Slower, delayed average arrivals are observed for stations along the 

Ross Sea coastline, while faster average residuals are observed for stations further inland (Fig. 

12).  The root-mean-square (RMS) of the relative P- and S-wave travel-time residuals is 0.9915 

and 2.7889 sec, respectively.  These relative travel-time residuals compose the dataset that is 

incorporated into the tomographic inversion, which is outlined in the next subsection.   
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Figure 8: Body Wave Tomography Schematic Cartoon. This cartoon outlines the geometry 
of raypaths travelling from an earthquake source to deployed seismic stations.  The gray box 
represents the study area, with the blue and red ovals representing fast and slow velocity 
anomalies, respectively.  Modified from Zhao (2015). 
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Table 1: Seismic Station List with Ice and Crustal Thickness Estimates. Summary
of geographic coordinates and elevations for the seismic stations used in this study
along with ice and crustal thickness estimates.

Network Station Name Latitude Longitude Elevation (km) Crustal Thickness (km) Ice Thickness (km)
TMNT DONT -73.88 165.12 0.0732 29.2 0
TMNT MICH -73.82 164.1 0.8173 33.1 0.3
TMNT LEON -73.71 163.33 1.5741 39.1 1.05
TMNT RAPH -73.6 162.29 3.0516 42.9 0.1
TMNT SPLN -73.47 161.47 2.7544 47 0.45
TMNT SHRD -73.4 160.5 2.4573 46.9 0.2
TMNT CASY -73.3 159.63 2.2234 33.2 0
TMNT APRL -73.19 158.7 2.2579 39.3 2.85
TMNT FOOT -73.09 157.85 2.3073 40.7 2.05
TMNT BEBP -73.03 156.87 2.2998 38.8 2.7
TMNT RKST -74.2 159 1.9251 41.9 1.6
TMNT DUBY -74.99 158.08 1.5081 42.7 1.05
TMNT SAMH -75.2 154 2.087 43.6 2.5
TMNT GRAW -74 154.99 2.205 41 2.05
TMNT KNYN -76.24 153.33 2.289 43.9 2.1
KOPRI KP01 -74.4866 165.2897 0.347 19.2 0
KOPRI KP02 -74.2319 164.7333 0.602 27.2 0
KOPRI KP03 -74.3948 163.9707 1.969 24.4 0
KOPRI KP04 -74.6448 164.036 0.05 20 0
KOPRI KP05 -74.3495 164.6904 2.9 12.8 0
KOPRI KP07 -74.3327 165.1181 0.267 19.2 0
KOPRI JBG2 -74.6236 164.2326 0.106 20 0

TAMSEIS CBRI -77.2516 166.4266 0.299 30.7 0.13
TAMSEIS CPHI -75.0745 162.6488 0.336 26.7 0
TAMSEIS CCRZ -77.5167 169.0945 0.891 21.1 0.01
TAMSEIS N000 -76.0088 160.3785 1.561 37.2 0.42
TAMSEIS MAGL -76.1381 162.4083 0.217 33.4 0.23
TAMSEIS CBOB -77.0348 163.1712 -0.04 30.7 0.15
TAMSEIS E028 -76.3075 154.0393 2.246 44.9 1.68
TAMSEIS E026 -76.4247 154.7591 2.213 44.8 1.52
TAMSEIS E024 -76.5394 155.2378 2.207 44.7 1.41
TAMSEIS E020 -76.7295 156.5472 2.12 42.9 1.35
TAMSEIS E018 -76.8234 157.2237 2.092 42 1.33
TAMSEIS JNCT -76.9313 157.9008 2.129 41.1 1.28
TAMSEIS E014 -76.99 158.6232 2.089 40.1 1.02
TAMSEIS E012 -77.0461 159.326 1.916 39.2 0.77
TAMSEIS E010 -77.1847 160.0864 1.651 38.2 0.46
TAMSEIS E008 -77.2802 160.5615 0.99 37.4 0.31
TAMSEIS E006 -77.3702 161.6257 0.464 34.5 0.24
TAMSEIS E004 -77.4133 162.0661 0.638 33.3 0.22
TAMSEIS E002 -77.5751 163.0089 0.791 30.7 0.15
TAMSEIS E000 -77.6263 163.6176 0.747 29.8 0.12
TAMSEIS E030 -76.2511 153.3792 2.263 45.1 1.83

DG HUGH -75.4007 162.21 0.0124 35 0
DG JYCE -75.5975 160.9189 1.024 35 0
DG PRST -75.1954 161.941 0.59 35 0
DG TRIO -75.495 159.694 0.99 35 0

TAMNNET (TMNT) and TAMSEIS station information from Hansen et
al. (2015a) and Hansen et al. (2009); KOPRI station information
from Park et al. (2014); David Glacier (DG) Station Information from:
http://www.ds.iris.edu/mda/ZL?timewindow=2003-2004.
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Figure 9: Example Illustrating the First Step of the AIMBAT Cross-Correlation.  Traces are 
marked with a coarse alignment of the P-phase within a cross-correlation time window of 30 sec 
(light green box).  Dotted black lines on each trace mark the theoretical P-wave arrival time, and 
the dotted purple line indicates the reference time relative to the average predicted arrival time 
from the array stack, which is shown in the top panel.  This example event occurred on 23-05-
2013 at 17:19:04 UTC, with a magnitude of 7.4, and was located south of the Fiji Islands. 
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Figure 10: Example Illustrating the Second Step of the AIMBAT Cross-Correlation. The 
red dashed lines indicate the P-wave arrival time, which was picked on the array stack, and the 
traces are aligned on that pick. A smaller cross-correlation time window of ~3 sec around the P-
wave arrival (green box) is applied.  The event shown is the same as in Figure 9. 
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Figure 11: Example Illustrating the Last Step of the AIMBAT Cross-Correlation.  The 
dotted turquoise line marks the refined, observed relative arrival time, calculated with the MCCC 
method (VanDecar and Crosson, 1990).  This observed arrival time is then used to compute the 
relative travel-time residual, which is used in the tomographic inversion.  The event shown is the 
same as in Figures 9 and 10. 
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Figure 12: P- and S-wave Travel-Time Residual Map. Colored triangles indicate the average 
relative travel-time residuals for the (a) P-wave and (b) S-wave datasets.  Bedrock topography 
from the ETOPO1 model (Amante and Eakins, 2009) is plotted in gray-scale in the background, 
where lighter colors indicate higher topography.  Similar to Figure 1, the study area is denoted by 
the red polygon on the continental-scale map of Antarctica (middle). 
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3.3 Model Parameterization 

Geophysical inversions involve choosing a model to represent the Earth structure and 

then using data to estimate the parameters of that model (Stein and Wysession, 2003). The 

general parameter estimation equation can be written as:  

                                                                       𝐺 𝒎 =  𝒅                                                            (2) 

where G represents an operator or a matrix of linear equations, m represents a matrix of 

unknown model parameters (i.e., the velocity structure of the Earth), and d is the data matrix 

(i.e.,  the relative travel-time residuals).  Before the parameters in matrix m can be determined, 

the G matrix must be constructed with elements based on the parameterization of the model 

space and teleseismic ray tracing. 

 Models can be parameterized using multiple techniques, such as three-dimensional 

blocks or a three-dimensional grid (Aki and Lee, 1976; Zhao et al., 1992; 1994).  The 

parameterization technique used in this study follows the method developed by Zhao et al. 

(1992), which parameterizes the model space using multiple layers of grid nodes.  The best 

maximum model depth to use in the inversion is determined by assessing trade-offs between 

model depth and the RMS of the travel-time residuals.  For both the P- and S-wave models, a 

maximum depth of 1200 km was used in the respective inversions (Fig. 13).  Grid nodes were 

laterally distributed across the study area with 0.5° spacing in both latitude and longitude, and 

the nodes were vertically distributed every 25 km between 0 and 600 km depth, every 50 km 

between 600 and 800 km depth, and every 100 km between 800 and 1200 km depth. Due to the 

coordinate singularity that results at the South Pole, both the station and earthquake hypocenter 

locations were rotated to the equator so that the grid geometry is maintained.  
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3.4 Ray Tracing Algorithm 

 In addition to the model space parameterization, teleseismic ray tracing is also used to 

construct the G matrix for the inversion.  More specifically, the path of a given teleseismic P- or 

S-wave is traced through the model space from the earthquake hypocenter to each station.  The 

associated algorithm employs the 3-D ray tracing technique developed by Zhao et al. (1992; 

1994).  Using the same modified IASP91 1-D Earth model that was used to compute the relative 

arrival times, the Zhao et al. (1992; 1994) method combines the pseudo-bending algorithm 

developed by Um and Thurber (1987) with Snell’s Law.  This algorithm iteratively perturbs an 

initial approximation of the ray path by minimizing the travel-time of the ray to satisfy Fermat’s 

principle, which states that the travel-time between two points must be stationary.  In other 

words, the ray will travel along a path that minimizes the travel-time to the receiver from the 

source, assuming constant velocity structure (Nolet, 2008).  One caveat of the pseudo-bending 

technique is that it does not account for velocity discontinuities in the model space; therefore, 

Zhao et al. (1992; 1994) applied Snell’s Law to perturb the ray path at such discontinuous points 

and employed the pseudo-bending algorithm between continuous points.  Ultimately, the ray 

tracing algorithm computes a theoretical arrival time for each observation and determines the 

partial derivatives of the travel-times with respect to the IASP91 starting model at specific grid 

nodes in the model space to develop the elements in the G matrix.   

 

3.5 Solving the Inverse Problem 

 The unknown model parameters in m can now be estimated by inverting the observation 

equation (Eq. 2).  The d data matrix has dimensions of N x 1, where N represents the number of 

relative travel-time residuals. The G operator has dimensions of N x (4M + K), where M and K 
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represent the number of earthquakes and grid nodes in the model space, respectively.  As 

outlined previously, the elements of G include the partial derivatives with respect to the 

reference velocity model, calculated from the ray tracing algorithm (Zhao et al., 1992; 1994).  

Finally, matrix m has dimensions of K x 1, whose elements are the adjustments to the velocity 

parameters that will be solved for, using a damped least squares inversion.  Following the 

approach of Aki and Lee (1976) and Thurber (1983), Eq. (2) can be rewritten as: 

                                                        𝐺𝑇𝐺+  𝜃 𝒎 =  𝐺𝑇𝒅                                                   (3) 

where GT is the transpose of the G matrix, θ is a damping parameter, and m and d are still the 

model and data matrices, respectively.  Due to the heterogeneous distribution of earthquake ray 

paths through the model space, the G matrix is sparse, which means that a majority of the 

elements in this matrix are zero (e.g., Aster et al., 2005).  Thus, when performing the inversion, a 

damping parameter must be applied to account for this heterogeneity; otherwise, the solution 

would try to equally fit poorly sampled areas of the model space, resulting in an extremely 

unrealistic tomographic model (Zhao, 2015).  The damping parameter in Eq. (3) for both the P- 

and S-wave inversions was chosen through an empirical approach, using a trade-off curve 

between the norm (i.e., the variance of the velocity model) and the RMS of the travel-time 

residuals (Eberhart-Phillips, 1986).  Larger damping parameters restrict perturbations to the 

starting model, which generally lead to a poorer data fit. Smaller damping parameters allow for 

more significant model perturbations and hence increased data fit; however, this 

parameterization can cause the velocities to significantly vary between nearby grid nodes, 

resulting in an unrealistic model.  Therefore, the damping parameter for both the P- and S-wave 

inversion is optimized using the minimum value from the trade-off curve, and these parameters 

were chosen through a combined quantitative and visual approach (Fig. 14).  Smoothing 
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parameters, which suppress or smooth sharp variations in the model, were also chosen using the 

same empirical approach that was used to determine the damping parameters and were applied to 

the observation equations before the inversion.  Eq. (3) is solved using the conjugate-gradient 

type solver LSQR, developed by Paige and Saunders (1982).  To determine the goodness of fit of 

the resulting model, data variance reduction is calculated for both the P- and S-wave datasets by 

comparing the RMS of the travel-time residuals from before and after the inversion.  Using the 

chosen damping and smoothing parameters, the P-wave model has a residual reduction of ~85%, 

and the optimal S-wave model has a residual reduction of ~86%.  
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Figure 13: Maximum Model Depth Trade-off Curve. These curves illustrate the variation 
between travel-time residual RMS and maximum model depth.  Solid and open circles 
correspond to the P- and S-wave models, respectively.  For both models, a maximum model 
depth of 1200 km was chosen, which is highlighted by the red stars. 
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Figure 14: P- and S-wave Damping Parameter Trade-off Curve. These curves are used to 
optimize the damping coefficient and are based on the model variance (i.e., the norm of the 
inversion solution) and the travel-time residual RMS.  The P-wave model is denoted by solid 
circles, and the S-wave model is denoted by open circles.  The damping factor chosen for the P- 
and S-wave models were 12 and 20, respectively, indicated by the red stars. 
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4.0 RESULTS 
 

 Results from the current study provide new insights into the upper mantle seismic 

structure beneath the central and northern TAMs, the adjacent EA craton, and the WARS. The 

following subsections present the first regional-scale P- and S-wave velocity models for the 

northern TAMs and characterize variations in the seismic structure along-strike of the TAMs 

front, from Ross Island to northern Victoria Land and into East Antarctica. 

4.1 P-wave Modeling Results 

 Following optimization and regularization of the inversion (see Section 3.5), the model 

of P-wave velocity perturbations (δVp) was obtained after 141 iterations, stopping when the 

inversion error no longer decreased.  Again, these perturbations represent velocity deviations 

from the reference 1-D global earth model, IASP-91 (Kennett and Engdahl, 1991).  Map-view 

images through the P-wave model, from 100 to 300 km depth in 50 km increments, are presented 

in Figure 15, and associated cross-sectional images are provided in Figure 16.  Fast velocities 

(δVp ≈ +0.5% to +2%) are observed beneath East Antarctica, down to a depth of at least ~300 

km.  Additionally, two prominent slow velocity anomalies are observed: one beneath the Ross 

Island (RI) region adjacent to the TAMSEIS array (δVp ≈ -2.0%) and the other beneath the Terra 

Nova Bay (TNB) region adjacent to the TAMNNET array (δVp ≈ -1.5% to -2.0%).  The RI 

anomaly extends laterally ~50-100 km from the coast inland beneath the central TAMs and is 

sharply bounded by the fast velocities seen beneath East Antarctica.  This anomaly also extends 

vertically to a depth of ~250-300 km (Figs. 15 and 16 A-A’).  Comparable observations were 

made by previous TAMSEIS studies in this area (Watson et al., 2006; Lawrence et al., 2006).  
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Similar to the RI anomaly, the TNB anomaly extends laterally inland ~100 km from the coast 

beneath the northern TAMs.  This feature also extends in a north-south direction from Mt. 

Melbourne into northern Victoria Land.  The depth extent of the TNB anomaly is ~150-200 km 

(Figs. 15 and 16 B-B’, C-C’). 

While the fast velocities beneath East Antarctica seem to be fairly uniform between the 

TAMSEIS and TAMNNET transects, there are significant along-strike variations in the slow 

velocities observed along the TAMs front.  The prominent RI and TNB anomalies appear to be 

connected by a region of relatively slow velocity along the Terror Rift, though the associated 

signature of this Terror Rift anomaly is somewhat less pronounced than its RI and TNB 

counterparts (δVp ≈ -1% to -2%; Figs. 15 and 16c).  The slow velocities beneath Terror Rift are 

concentrated in the upper mantle, above depths of ~100-150 km (Fig. 16 C-C’).  It is also worth 

noting that these low velocities do not extend laterally inland beneath the coastline as far as those 

seen beneath RI and TNB (Fig. 15).   
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Figure 15: P-wave Velocity Model. Map-view images through the generated P-wave 
velocity model at selected depths. Black triangles denote seismic stations, and the white lines 
on the 150 km depth panel denote the locations of the cross-sections shown in Figure 16. RI: 
Ross Island; TR: Terror Rift; TNB: Terra Nova Bay. 
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Figure 16: Vertical Cross-Sections through the P-wave Velocity Model. Cross-sections along 
profiles (a) A-A’, (b) B-B’ and (c) C-C’.  The locations of these profiles are denoted on the 150 km 
depth panel in Figure 15.  Dashed black lines indicate where the cross-sections intersect.  Bedrock 
(gray) and ice (blue) topography from BEDMAP2 (Fretwell et al., 2013) is shown above each 
panel. DIT: Drygalski Ice Tongue; NVL: Northern Victoria Land; EA: East Antarctica; TAMs: 
Transantarctic Mountains. 
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4.2 P-wave Resolution Tests 
 
 Checkerboard and other synthetic tests have been performed to qualitatively examine 

both the lateral and vertical resolution of the P-wave velocity model.  The input synthetic 

checkerboard pattern includes 200 km-thick, 1° square checkers, arranged in a grid with 

alternating ± 4% P-wave velocity perturbations (Fig. 17).  Synthetic travel-times with Gaussian 

random noise added (variance of 0.10 s2 around a zero-mean) were created and then inverted 

using the same model parameterization as was used for the actual P-wave data.  At 100 km 

depth, the checkerboard pattern is well recovered across much of the study area, with an average 

amplitude recovery of ~60% (Fig. 17). Resolution is reduced along the Ross Sea coastline 

between RI and TNB, and this reduced amplitude recovery is likely explained by the near-

vertical P-wave incidence at shallow depths as well as by the disproportionately smaller number 

of event data provided by the David Glacier stations versus those arriving at the other examined 

stations.   

At 200 km depth, the input checker structure is again well recovered beneath the 

TAMNNET transect and beneath East Antarctica, with amplitude recovery of ~60%.  Resolution 

is somewhat diminished along the TAMSEIS transect and beneath RI, with amplitude recovery 

of ~50%, but increased amplitude recovery is obtained between RI and TNB along the TAMs 

front, especially compared to the 100 km depth checkerboard test.  Lastly, at 300 km depth, 

amplitude recovery is at most ~50%, again with reduced resolution along the TAMSEIS transect 

and beneath RI (Fig. 14).   

 To assess the vertical resolution of the model space, additional synthetic tests were 

performed along the cross-sections shown in Figure 16.  Along the A-A’ and B-B’ profiles (Figs. 

18-19), these synthetic tests were generated to assess the vertical resolution beneath the 
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TAMSEIS and TAMNNET transects, respectively.  They also allow for assessment of the lateral 

resolution of the sharp velocity boundary observed beneath the TAMs.  Along the A-A’ profile 

(Fig. 18a), a 300 km-thick fast synthetic anomaly (δVp = +2.0%) represents the velocity structure 

beneath the EA craton, and this feature is bounded to the east by a 200 km-thick slow synthetic 

anomaly (δVp = -3.5%) used to represent the observed RI structure (Fig. 16a).  The recovered 

image (Fig. 18b) shows that the synthetic RI anomaly loses resolution along the eastern portion 

of the transect beneath the Ross Sea, which is consistent with the checkerboard resolution tests at 

200 and 300 km depth (Fig. 17).  The sharp boundary between the fast velocities of the EA 

craton and the slow velocities beneath RI is well constrained and is located beneath the highest 

bedrock elevations on the TAMSEIS transect, at most ~100 km inland from the adjacent 

coastline.  This is comparable to findings from previous TAMSEIS studies (Watson et al., 2006; 

Lawrence et al., 2006).  Additionally, minimal vertical smearing is seen beneath the synthetic 

fast anomaly and ~100 km of vertical smearing is seen beneath the slow anomaly (Fig. 18b).  

This is not atypical for body wave tomography studies given the steep incidence angle of the 

arriving ray paths.  Additionally, damping applied to prevent unrealistic oscillations in the model 

can force the inversion to smear large-amplitude anomalies (Romanowicz and Dziewonski, 

2009).  Taking this smearing into account, the thickness of the EA craton is constrained to ~300 

km, and the RI anomaly is constrained to depths less than ~200 km.  Again, these estimates are 

comparable to those provided by previous investigations (Heeszel et al., 2015; Hansen et al., 

2014; Watson et al., 2006). 

Along the B-B’ profile (Fig. 19a), the same synthetic input structure for the EA craton 

used along profile A-A’ was again employed, but now this feature is bounded to the east by a 

150 km-thick slow synthetic anomaly (δVp = -2.5%) used to represent the observed TNB 
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structure (Fig. 16b).   It should be noted that due to the model parameterization with 0.5° lateral 

grid spacing, the input structure (Fig. 19a) is slightly offset compared to the observed model 

(Fig. 16b), such that the boundary between the fast and slow velocities was forced ~50 km 

westward.  The corresponding recovered image (Fig. 19b) again displays minimal vertical 

smearing beneath the fast anomaly, but somewhat more vertical smearing (~75 km) is observed 

beneath the slow TNB anomaly.  Given this, the thickness of the EA craton is again constrained 

to be ~300 km, similar to profile A-A’.  The TNB anomaly is constrained to depths less than 

~150-200 km, which is consistent with estimates provided by surface wave tomography 

constraints (Graw et al., 2016).  The abrupt boundary between the fast EA craton and the slow 

velocities underlying TNB is located ~100-150 km from the coastline, similar to that seen in the 

synthetic tests along profile A-A’.  

The final examination along profile C-C’ (Fig. 20) examines the vertical resolution along 

the Ross Sea coastline, beneath the slow RI and TNB anomalies.  The same synthetic input 

structure used to represent these features in the synthetic tests along profiles A-A’ and B-B’ was 

again employed (Fig. 20a).  The recovered image (Fig. 20b) displays ~100-150 km of vertical 

smearing below RI, matching observations from along profile A-A’ (Fig. 18).  Also, similar to 

profile B-B’ (Fig. 19), somewhat less pronounced vertical smearing (~75 km) is observed 

beneath TNB.  This smearing is directed to the north, following the predominant direction of 

incoming ray paths (Fig. 7).  It is also worth noting that little to no notable structure is observed 

between the RI and TNB anomalies in this synthetic representation (Fig. 20).  That is, the P-

wave model can resolve these two independent anomalies. 
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Figure 17: P-wave Model Checkerboard Resolution Tests. The input pattern is shown on the 
upper left, with 1°-wide, 200 km-thick checkers that have alternating ± 4% velocity 
perturbations.   For each test, the checkers are centered at the corresponding depth, and the 
recovered images are shown in the remaining panels.  Results are plotted with a ± 2% color 
scale, comparable to Figure 15. 
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Figure 18: P-wave Model Synthetic Test along Profile A-A’.  Synthetic test to assess the velocity 
structure and vertical smearing along this profile (Fig. 16a).  (a) Input synthetic velocity structure, 
where the anomalies represent the fast EA craton and the slow structure observed beneath RI. (b) 
Recovered model plotted with a ± 2% color scale, comparable to Figure 16a. Abbreviations are the 
same as Figure 16. 
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Figure 19: P-wave Model Synthetic Test along Profile B-B’.  Synthetic test to examine 
the velocity structure and vertical smearing beneath this profile (Fig. 16b). (a) Input 
synthetic velocity structure, where the anomalies represent the fast EA craton and the slow 
structure observed beneath TNB.  (b) Recovered model plotted with a ± 2% color scale, 
comparable to Figure 16b. Abbreviations are the same as Figure 16. 
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Figure 20: P-wave Model Synthetic Test along Profile C-C’.  Synthetic test to 
examine the velocity structure and vertical smearing along this profile (Fig. 16c). (a) 
Input synthetic velocity structure, where the anomalies represent the slow structure 
observed beneath RI and TNB.  (b) Recovered model plotted with a ± 2% color scale, 
comparable to Figure 16c.  Abbreviations are the same as Figure 16. 
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4.3 S-wave Modeling Results 

The main features from the P-wave model (Figs. 15-16) are also observed in the S-wave 

velocity perturbation (δVS) model.  Following optimization and regularization (see Section 3.5), 

the S-wave model was generated after 133 inversion iterations, again stopping once the inversion 

error no longer decreased (Figs. 21-22).  Across East Antarctica, fast velocities (δVS ≈ +1.5% to 

+4.0%) are observed between 100 and 250 km depth.  Two prominent slow velocity anomalies 

are again seen beneath RI and TNB.  In the RI region, the slow anomaly (δVS ≈ -1.5% to -4.0%) 

laterally extends ~100 km inland from the coast beneath the TAMs front (Fig. 21), and cross-

sectional profile A-A’ (Fig. 22a) indicates that this feature extends vertically to ~250 km depth.  

The sharp velocity contrast between the fast EA craton and the slow RI anomaly is again seen 

beneath the TAMs crest.  The slow TNB anomaly (δVS ≈ -1.0% to -4.0%) extends laterally 

northward ~150 km beneath the northern TAMs and Victoria Land as well as ~150 km south 

towards the Drygalski Ice Tongue.  Additionally, this anomaly laterally extends ~100 km 

westward beneath the TAMs front (Fig. 21).  Cross-sectional profile B-B’ (Fig. 22b) again 

reveals high-amplitude low-velocities extending to ~250 km depth.  The sharp boundary between 

the fast velocities of the EA craton and the slow velocities beneath TNB is situated beneath the 

crest of the TAMs.  Along the TAMs front and the Ross Sea coastline, the S-wave model does 

not display much connection between the two prominent slow anomalies seen beneath RI and 

TNB (Figs. 21-22c), which is the most significant difference between the S- and P-wave models 

(Fig. 15-16c).  This discrepancy will be discussed further in the following subsections.  In 

general, the S-wave tomography model does not resolve any notable features below ~300 km 

depth. 
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Figure 21: S-wave Velocity Model. Map-view images through the S-wave velocity model at 
selected depths.  Black triangles denote seismic stations, and the white lines on the 150 km depth 
panel denote the locations of the cross-sections shown in Figure 22.  RI: Ross Island; TR: Terror 
Rift; TNB: Terra Nova Bay. 
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Figure 22: Vertical Cross-Sections through the S-wave Velocity Model. Cross-sections 
along profiles (a) A-A’, (b) B-B’, and (c) C-C’.  The locations of these profiles are denoted on 
the 150 km depth panel in Figure 21.  Dashed black lines indicate where the cross-sections 
intersect.  Bedrock (gray) and ice (blue) topography from BEDMAP2 (Fretwell et al., 2013) is 
shown above each panel. Abbreviations are the same as in Figure 16. 
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4.4 S-wave Resolution Tests 

 Synthetic tests to assess both the lateral and vertical resolution were performed for the 

S-wave velocity model using the same approaches employed for the P-wave model.  First, lateral 

resolution was examined with a checkerboard test, where the checkers have the same dimensions 

as those shown in Figure 17; however, alternating ± 6% δVS were instead assigned.  At 100 km 

depth (Fig. 23), the checkerboard pattern is well recovered across much of the study area, with 

an average amplitude recovery > 60%, but similar to the P-wave test (Fig. 17), the input pattern 

is poorly recovered between RI and TNB.  At 200 km depth, the pattern is again well recovered 

between the examined seismic transects with amplitude recovery of ~60%, but the amplitudes of 

the checkers near TAMSEIS and along the coastline are somewhat diminished.  Lastly, at 300 

km depth, the best recovery is observed near the TAMNNET stations, with amplitude recovery 

of ~50%; the checkerboard pattern is not as well resolved to the south and east (Fig. 23).  In 

general, the S-wave checkerboard tests indicate that this model is less well resolved than the 

corresponding P-wave model.  Given the reduced number of travel-time residuals used in the S-

wave inversion compared to its P-wave counterpart, this is not surprising.  Additionally, the 

decreased resolution between RI and TNB, particularly at shallower depths, can partially be 

attributed to the lack of S-wave travel-time residuals obtained from the David Glacier network.  

This also explains the discrepancy seen along the TAMs front, between RI and TNB, between 

the P- and S-wave models; the P-wave model better resolves this structure compared to the S-

wave model. 

The vertical resolution of the S-wave model was also investigated with additional 

synthetic tests along each of the examined cross-sectional profiles (Fig. 22).  As with the P-wave 

tests, the synthetic anomalies were constructed to best match the observed structure in the S-
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wave model.   Synthetic tests along cross-sectional profiles A-A’ and B-B’ (Figs. 24-25) were 

used to assess the observed structure beneath the TAMSEIS and TAMNNET transects, 

respectively.  The same input geometry that was employed in the corresponding P-wave tests 

(Figs. 18-19) was applied, but now the fast EA craton is represented by an anomaly with an input 

amplitude of δVS = +3.0%, while the slow RI and TNB features are represented with anomalies 

having input amplitudes of δVS =  -5.5% and -4.5%, respectively.  In the recovered models (Figs. 

24-25), minimal vertical smearing is observed beneath the EA craton, while the slow RI and 

TNB regions each display ~100 km of vertical smearing.  Again, this level of smearing along ray 

paths is not uncommon for regional S-wave tomography studies (e.g., Romanowicz and 

Dzwienowski, 2009).  Similar to their P-wave counterparts (Figs. 18-19), the S-wave resolution 

tests indicate that the EA craton is, at most, ~300 km thick and that the RI and TNB anomalies 

are restricted to depths less than ~200 km.  The sharp contact between the fast velocities of the 

EA craton and the slow velocities near the Ross Sea coastline is well resolved along both profiles 

and is located ~100 km from the coast, beneath the TAMs crest.  These findings are in good 

agreement with observations from both the corresponding P-wave tests (Figs. 18-19) as well as 

those from previous studies (Watson et al., 2006; Lawrence et al., 2006; Graw et al., 2016).  

Synthetic tests were also again performed along profile C-C’ (Fig. 26) to examine the 

vertical resolution along the Ross Sea coastline and beneath the slow RI and TNB anomalies.  

The same geometry as that shown in Figure 20 was again employed, but now the associated 

anomalies have input amplitudes of δVS = -5.5% for the RI region and δVS = -4.5% for the TNB 

region.  The recovered model (Fig. 26b) shows ~100 km of vertical smearing beneath RI, with 

only ~50 km of vertical smearing beneath TNB.  This is fairly comparable to the corresponding 

P-wave synthetic test (Fig. 20).  
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Figure 23: S-wave Model Checkerboard Resolution Tests. The input pattern is shown on 
the upper left, with 1°-wide, 200 km-thick checkers that have alternating ± 6% velocity 
perturbations.  For each test, the checkers are centered at the corresponding depth, and the 
recovered images are shown in the remaining panels.  Results are plotted with a ± 4% color 
scale, comparable to Figure 21. 
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Figure 24: S-wave Model Synthetic Test along Profile A-A’.  Synthetic test to assess 
the velocity structure and vertical smearing along this profile (Fig. 22a). (a) Input 
synthetic velocity structure, with the fast anomaly representing the EA craton and the 
slow anomaly representing the structure beneath RI.  (b) Recovered model plotted with a 
± 4% color scale, comparable to Figure 22a. Abbreviations are the same as Figure 16. 
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Figure 25: S-wave Model Synthetic Test along Profile B-B’.  Synthetic test to 
examine the velocity structure and vertical smearing along this profile (Fig. 22b). (a) 
Input synthetic velocity structure, with the fast anomaly representing the EA craton and 
the slow anomaly representing the structure beneath TNB.  (b) Recovered model plotted 
with a ± 4% color scale, comparable to Figure 22b. Abbreviations are the same as 
Figure 16. 
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Figure 26: S-wave Model Synthetic Test along Profile C-C’.  Synthetic test to examine the 
velocity structure and vertical smearing along this profile (Fig. 22c). (a) Input synthetic velocity 
structure, where the anomalies represent the slow structure observed beneath RI and TNB.  (b) 
Recovered model plotted with a ± 4% color scale, comparable to Figure 22c.  Abbreviations are 
the same as Figure 16.  
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5.0 DISCUSSION 

5.1 Slow Velocities along the Terror Rift 

 Previously generated continental-scale tomography models of Antarctica reveal slow 

upper mantle velocities beneath the WARS (Roult and Rolland, 1994; Ritzwoller et al., 2001; 

Sieminski et al., 2003; Morelli and Danesi, 2004; Hansen et al., 2014; Heeszel et al., 2016), and 

regional-scale tomographic studies based on TAMSEIS data reveal a focused region of slow 

velocities beneath Ross Island, extending beneath the central TAMs (Watson et al., 2006; 

Lawrence et al., 2006).  However, until the addition of TAMNNET, variations in the regional 

along-strike TAMs structure were unconstrained.  Using this new dataset, slow upper mantle 

velocities beneath Terror Rift and the northern TAMs were recently observed with surface wave 

tomography techniques (Graw et al., 2016), but the vertical resolution from this study is limited 

to the uppermost portion of the mantle (i.e., above ~160 km).  Additionally, the currently 

employed body wave tomography approach provides better lateral resolution than the surface 

wave technique.  Therefore, the current study provides improved constraints on the upper mantle 

geometry of the prominent slow velocity anomalies along the TAMs front (Figs. 15-16, 21-22). 

 Along profile C-C’, which runs roughly parallel to the Ross Sea coastline, the P-wave 

velocity model shows that the two prominent slow velocity anomalies beneath RI and TNB 

appear to be connected by slow velocities along Terror Rift, centered at ~150-200 km depth (Fig. 

16c).  Although the synthetic resolution tests indicate some vertical smearing (Fig. 20), it is clear 

that the slow structure beneath Terror Rift is not an artifact of the model.  To further examine 

this potential connection between the RI and TNB anomalies, an additional synthetic resolution 
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test was created along profile C-C’ (Fig. 27).  The same input structure for the RI and TNB 

anomalies that was used in previous synthetic tests (Figs. 18-20) was again employed; however, 

these synthetic anomalies are now connected by a stair-step structure (Fig. 27c), consisting of 

two 50 km-thick anomalies centered at 175 and 150 km depth, respectively, extending northward 

from the RI anomaly (δVp = -3.0%) and southward from the TNB anomaly (δVp = -2.5%).  The 

corresponding recovered image (Fig. 27c) closely matches the observed structure along profile 

C-C’ (Figs. 16a and 27a) in the P-wave velocity model.  That is, this connected representation 

provides a better approximation to the anomalous structure observed beneath Terror Rift 

compared to the synthetic structure with no connection between the RI and TNB anomalies (Fig. 

27b).  

A similar synthetic test along profile C-C’ was also created for the S-wave model (Fig. 

28c), using the same input geometry as that used for the P-wave test (Fig. 27c).  Input amplitudes 

for the RI and TNB anomalies match those used in the previous S-wave synthetic tests (Figs. 24-

26), while input amplitudes of δVS = -5.5% and -4.5%, respectively, were assigned to the two 

connecting stair-steps beneath Terror Rift (Fig. 28c).  The corresponding recovered image (Fig. 

28c) resolves a weak connection between the RI and TNB anomalies and, similar to the P-wave 

test (Fig. 27), the connected synthetic structure better approximates the observed structure along 

profile C-C’ (Figs. 22a and 28a) compared to the case where the RI and TNB anomalies are 

separate, unconnected features (Fig. 28b).   

  While both the P- and S-wave synthetic tests (Figs. 27c and 28c) indicate that a RI-TNB 

connected structure, with slow velocities beneath the Terror Rift, best approximates the observed 

structure, the P-wave test better resolves these features.  As described in Section 4.4, the various 

synthetic tests indicate that the upper mantle resolution of the S-wave model is not as high as the 
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corresponding P-wave model, particularly along the Ross Sea coastline.  To further illustrate this, 

additional synthetic tests with different isolated input anomalies beneath the Terror Rift have 

been generated.  For example, Figure 29 shows the results of a synthetic test where the input 

anomaly has a comparable thickness (200 km) and velocity signature (Vp=-3.5%; Vs=-5.0%) as 

those used to represent the RI and TNB anomalies in previous synthetic tests.  The corresponding 

output (Fig. 29b) shows that both the P- and S–wave models are capable of recovering such a 

pronounced low-velocity feature in this region, although the P-wave model again shows better 

recovery than the S-wave model.  However, such a pronounced anomaly does not match the 

observed structure along Terror Rift.  Figure 30 instead shows the results of a synthetic test 

where the input anomaly is much thinner (75 km), and the corresponding amplitude recovery, 

particularly for the S-wave model, is more consistent with the observed structure.  These 

additional synthetic tests further illustrate the variable resolution between the P- and S-wave 

models and provide further support for a less-pronounced velocity feature beneath Terror Rift.   

Overall, the results of the synthetic tests (Figs. 27-30) strongly support the RI and TNB 

anomalies being connected by slow, though somewhat less pronounced, velocities along the 

Terror Rift and ultimately being part of the same, larger-scale anomalous structure. 
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Figure 27: P-wave Model Synthetic Test Comparison for Profile C-C’. (a) Cross-sectional profile C-C’ through the P-
wave model (same as Fig. 16c).  (b-c) Synthetic P-wave tests along the same profile, with input models on the left and 
recovered models on the right.  (b) This synthetic test is the same as that shown in Figure 20, where the two low velocity 
anomalies beneath RI and TNB are separate features and are not connected to one another. (c) An alternative synthetic 
model that best matches the observed structure in (a).  Now the RI and TNB anomalies are connected with low velocities (-
3.5 to -4.0%) along the Terror Rift.  Abbreviations are the same as in previous figures. 
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Figure 28: S-wave Model Synthetic Test Comparison for Profile C-C’. (a) Cross-sectional profile C-C’ through the S-
wave model (same as Fig. 22c).  (b-c) Synthetic S-wave tests along the same profile, with input models on the left and 
recovered models on the right.  (b) This synthetic test is the same as that shown in Figure 26, where the two low velocity 
anomalies beneath RI and TNB are separate features and are not connected to one another. (c) An alternative synthetic model 
that best matches the observed structure in (a).  Now the RI and TNB anomalies are connected with low velocities (-5 to -
6.0%) along the Terror Rift.  Abbreviations are the same as in previous figures. 
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Figure 29: Thick P- and S-wave Terror Rift Synthetic Test. (a) Synthetic 200 km-thick input anomaly for the P-wave (top) 
and S-wave (bottom) models, with input amplitudes Vp=-3.5% and Vs=-5.0%, respectively. (b) Output of the P-wave (top) 
and S-wave (bottom) synthetic tests. 
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Figure 30: Thin P- and S-wave Terror Rift Synthetic Test. (a) Synthetic 75 km-thick input anomaly for the P-wave (top) 
and S-wave (bottom) models, with input amplitudes Vp=-3.5% and Vs=-5.0%, respectively. (b) Output of the P-wave (top) 
and S-wave (bottom) synthetic tests. 
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5.2 Source of the Low Velocity Anomalies 

Multiple studies have attempted to explain the source of slow upper mantle velocities 

beneath the WARS, particularly near RI.  Sieminski et al. (2003) suggest a deep-seated mantle 

upwelling beneath RI, and some petrologic studies suggest that volcanism in this area has an 

isotopic signature consistent with a plume source (Kyle et al., 1992; Esser et al., 2004).  

However, receiver function analysis (Reusch et al., 2008) and recent continental-scale 

tomographic imaging (Hansen et al., 2014) do not show evidence for slow, hot mantle material 

extending to the transition zone beneath RI, and instead constrain the low velocities to the upper 

mantle.  These and other studies (e.g., Rocchi et al., 2002; 2003; 2005; Cooper et al., 2007) 

suggest that the RI anomaly is associated with rift-related decompression melting and shallow 

convection at the southern end of the Terror Rift.   

Aside from the current study, the TNB low velocity anomaly has only been observed by 

recent local and regional studies.  For instance, Graw et al. (2016) used TAMNNET data to 

image this slow anomaly with surface wave analyses, and they suggested that the TNB anomaly 

may extend further north beneath the northern TAMs and Victoria Land (Fig. 6).  Further, this 

study attributed both the upper mantle RI and TNB anomalies to rift-related decompression 

melting along the Terror Rift.  Additionally, a recent local tomographic study beneath Mt. 

Melbourne based on the KOPRI data suggested that the TNB anomaly may be associated with 

localized partial melting induced by edge-driven mantle convection beneath the TAMs (Park et 

al., 2015).   

As demonstrated in Section 5.1, the current study provides the first strong evidence to 

suggest that the RI and TNB anomalies are connected and are part of the same, larger-scale 

structure.  The slow velocities constrained to the upper mantle beneath the Terror Rift (Figs. 27-
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28) can likely be attributed to high-temperature, low-density material caused by decompression 

melting due to prior lithospheric extension.  The relationship between the RI and TNB anomalies 

and the larger-scale slow velocities within the Victoria Land Basin can be assessed by comparing 

this structure to that seen in comparable geodynamic environments elsewhere in the world.  For 

instance, in the Gulf of California, generally slow velocities beneath the rift connect more 

pronounced low velocity zones, spaced ~250 km apart.  These anomalous patches have been 

interpreted as areas of focused partial melting and passive upwelling, triggered by rifting and 

extension (Wang et al., 2009).  Within the East African Rift System, regional tomographic 

studies have revealed slow upper mantle velocities beneath active rift segments, with focused 

low-velocity zones beneath volcanoes adjacent to the main rift axes.  These are interpreted as 

focused diapiric upwellings, overprinting regions of passive upwelling beneath the narrow rifts 

(Hammond et al., 2013).  Given the new tomographic results presented here, I suggest that the 

slow upper mantle anomalies beneath RI and TNB are focused regions of partial melting and 

buoyancy-driven upwelling associated with larger-scale rifting and extension along the Terror 

Rift. 

 

5.3 Relation between the Low Velocity Anomalies and the TAMs Topography 

 As discussed in Section 2.3, multiple mechanisms have been proposed to explain the 

uplift of the TAMs.  A number of these models (e.g., Studinger et al., 2004; Karner et al., 2005; 

Lawrence et al., 2006; Bialas et al., 2007) require a thick crustal root beneath the mountain range 

to provide isostatic compensation, but crustal thickness estimates beneath the TAMSEIS and 

TAMNNET transects from receiver function analyses (Hansen et al., 2009; 2016) has shown 

little to no evidence for such crustal structure.  In contrast, fairly uniform crustal thickness is 
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observed along the TAMs front (Hansen et al., 2016).  Given this, models advocating 

lithospheric flexure along the edge of the EA craton, supported by a thermal load from hotter 

mantle beneath the WARS (e.g., Stern and ten Brink, 1989; ten Brink et al., 1997), are more 

likely uplift candidates. 

Section 5.2 illustrated how the slow upper mantle velocities beneath the TAMs front 

observed in both the current P- and S-wave velocity models are best attributed to thermal 

anomalies along the Terror Rift and the Ross Sea coastline; hence, these features could be 

consistent with the flexural uplift mechanism.  Indeed, it is interesting that the highest 

topography along the TAMNNET and TAMSEIS transects, in the vicinity of the Deep Freeze 

Range and the Royal Society Range, sits directly above the RI and TNB low velocity anomalies, 

respectively (Fig. 29).  It is also worth noting that the imaged slow upper mantle velocities 

between Ross Island and Mt. Melbourne do not extend as far westward beneath the adjacent 

portion of the TAMs as compared to that seen both to the north and to the south.  This coincides 

with predominantly different and lower elevations in the Prince Albert Mountains (Wörner, 

1992).  In other words, there is variability in the slow upper mantle structure along-strike the 

TAMs front, and there is a strong correlation between areas of high topography and the locations 

of the imaged low velocities.  In the following subsection, further assessment is made to help 

constrain the degree of buoyant uplift and dynamic topography that could be provided by the 

observed low velocity structure along the TAMs front. 

 

5.4 Buoyant Mantle Contribution to TAMs Uplift 

 To quantitatively estimate an upper mantle thermal buoyancy contribution to the TAMs 

uplift, a temperature-density-isostasy relationship can be created from the observed seismic 
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velocities.  Many studies have attempted to explain lateral seismic velocity variations in the 

Earth, and it has been demonstrated that temperature changes, specifically in the upper mantle, 

most significantly contribute to velocity variations in seismic tomography models, with S-waves 

being significantly more sensitive than P-waves (e.g., Jordan, 1979; Karato, 1993; Faul and 

Jackson, 2005; Priestly and McKenzie, 2013).  At ~100 km depth, roughly in the center of the RI 

and TNB anomalies imaged in the current study, the associated δVS = -5.5% and -4.5%, 

respectively, if the percent amplitude recovery is taken into account (Figs. 21-22; 24-26).  Using 

the IASP-91 global Earth model (Kennett and Engdahl, 1991) as a reference, the associated S-

wave velocity at these depths is ~4.49 km/s, indicating that the RI and TNB perturbations 

correspond to absolute velocity decreases of about 0.25 and 0.20 km/s, respectively.  For typical 

upper mantle grain sizes (10 mm) and an average temperature of 1300°C, Faul and Jackson 

(2005) estimate a temperature derivative of 1.2 m/s/K.  Using this relationship, the upper mantle 

temperature differences corresponding to the RI and TNB velocity anomalies are estimated as 

206 and 168 K, respectively.  That is, the imaged velocity anomalies can be attributed to mantle 

that is ~200 K hotter than normal.  This closely matches comparable estimates from Watson et 

al. (2006), who only examined the RI anomaly. 

 Taking this analysis further, the density change (Δρ) associated with a change in mantle 

temperature (ΔT) can be estimated by: 

                                                             Δρ = ρ0*α*ΔT                                                        (4) 

where ρ0 is typical mantle density (3200 kg/m3; Lachenbruch and Morgan, 1990) and α is the 

coefficient of thermal expansion (2.9 × 10-5 K-1; Turcotte and Schubert, 2002; Faul and Jackson, 

2005).  From this relationship, the resulting density changes in the upper mantle related to the RI 
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and TNB anomalies are estimated to be 19 and 16 kg/m3, respectively, corresponding to absolute 

densities of 3180 and 3184 kg/m3.   

 Finally, the above density values can be used to estimate the expected surface 

topography by determining the individual contributions from both the crust and the anomalous 

upper mantle (Lachenbruch and Morgan, 1990).  In the following equation: 

                  ε = Hc + Hm – H0                                                                   (5) 

ε represents the elevation above sea level, and H0 is the height of the asthenospheric geoid (2780 

m; Fig. 30; Zoback and Mooney, 2003).  Hc and Hm represent the crustal and mantle 

contributions to the surface elevation, where:  

	Hc = [(ρa – ρc) / ρa ]*Lc                                                          (6a) 

  Hm = [(ρa – ρm) / ρa ]*Lm                                                       (6b) 

In Equations 6a and 6b, ρa, ρc, and ρm represent the density of the asthenosphere, crust, and 

mantle, respectively.  Lc is the thickness of the crust, and Lm is the thickness of the lithospheric 

mantle (Fig. 30).  Values of 3200 kg/m3 and 2830 kg/m3 were assigned to ρa and ρc, respectively 

(Lachenbruch and Morgan, 1990), while ρm for each imaged anomaly was taken from the 

Equation 4 estimates above.  Measurements of Lc were obtained from S-wave receiver function 

studies beneath both the TAMSEIS and TAMNNET transects.  Above the RI and TNB 

anomalies, the crustal thickness averages 41 and 46 km, respectively (Hansen et al., 2009; 2016).  

Lastly, Lm is estimated from our S-wave velocity model (Fig. 22), corresponding to the depth 

extent of the imaged low velocity features.  For the RI and TNB anomalies, this value is 

estimated as 200 and 150 km, respectively.   

Using these values in Equation 5 above, the resulting ε estimates are ~3.1 km associated 

with the TAMSEIS transect and the RI anomaly and ~3.3 km associated with the TAMNNET 
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transect and the TNB anomaly.  The highest observed topography near each transect is actually 

~2.0 km and ~3.1 km, which sit above the RI and TNB anomalies, respectively.  Clearly, the 

computed surface topography values are somewhat overestimated, but multiple approximations 

have been incorporated into this calculation, from the temperature-velocity relationship used to 

the values assigned to the different parameters.  For example, if the crustal thicknesses beneath 

the TAMSEIS and TAMNNET transects are reduced within their respective uncertainty 

estimates (± 3 and 4 km, respectively; Hansen et al., 2009; 2016), the corresponding topography 

estimates reduce to ~2.8 km for both regions.  These slightly revised estimates are consistent 

with surface topography values in the Royal Society Range adjacent to RI and the Deep Freeze 

Range adjacent to TNB (Fig. 29).  Further adjustments to other estimated parameters, such as α, 

ρa, ρc, and Lm, could also affect the surface topography approximation.  That being said, 

reasonable assumptions were used for all values, and this assessment has shown that the imaged 

low velocity anomalies would provide a sufficient thermal load to support the TAMs elevation.  

It is worth noting that the thermal uplift estimate is purely isostatic and does not 

incorporate flexure of the EA lithosphere.  However, this assessment is still consistent with 

flexural uplift models (Stern and ten Brink, 1989; ten Brink et al., 1997), which require the 

lateral advancement of warm, low-density mantle from the WARS beneath the EA craton to 

thermally uplift the TAMs.  The tomographic results suggest that this thermal load is variable 

along-strike, with two point loads in the TNB and RI regions, leading to the high elevations seen 

in the Deep Freeze and Royal Society Ranges.  The EA lithosphere would flex in response to 

these point loads, causing a down-warp between RI and TNB, which would be associated with 

the lower-elevation Prince Albert Mountains (Fig. 31).  Such a flexural response may also be 

responsible for the Wilkes Subglacial Basin behind the TAMs front (Stern and ten Brink, 1989; 
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ten Brink et al., 1997).  Ultimately, the imaged tomography is most consistent with a flexural 

origin for the TAMs, where along-strike topographic variations can be explained by variable 

upper mantle structure. 
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Figure 31: Bedrock Topography and Velocity Anomalies Relationship.  Map-view images at 100-km depth through the (a) P- 
and (b) S-wave velocity models, overlain by on-land bedrock topography contours.  Black contours represent 500, 1000, and 1500 m, 
while red contours represent 2000, 2500, and 3000 m, from the BEDMAP2 model (Fretwell et al., 2013).  The outline of Terror Rift 
is modified from Bannister et al. (2003), and the outline of the Victoria Land Basin (dashed black line) is modified from Huerta and 
Harry (2007).  Black triangles denote seismic stations.  DIT: Drygalski Ice Tongue; NVL: Northern Victoria Land. 
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Figure 32: Mass Column Lithospheric Buoyancy Model. This cartoon illustrates a mass 
column floating in an asthenosphere with density ρa.  Modified after Lachenbruch and 
Morgan (1990) and Zoback and Mooney (2003), where ε represent the elevation above sea 
level, Lm is the lithospheric mantle thickness, Lc is the crustal thickness, and H0 is the 
buoyant height of sea level measured from the asthenosphere geoid.  ρc and ρm represent the 
densities of the crust and mantle, respectively. 
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6.0 CONCLUSIONS 

 Using travel-time data from P- and S-waves recorded by multiple seismic networks in 

the central and northern TAMs, including the recently acquired TAMNNET data, this study 

presents the first regional-scale body wave tomography models for the northern TAMs.  These 

high-resolution images detail the variability of the upper mantle seismic structure along-strike of 

the TAMs front, extending from Ross Island, along the Terror Rift, and into Victoria Land.  The 

models show a prominent low P- and S-wave velocity anomaly in the upper mantle (above ~200 

km depth) beneath RI, laterally extending ~50-100 km beneath the TAMs, and sharply bounded 

by fast velocities below the EA craton.  These observations are consistent with previous 

regional-scale tomography models generated with the TAMSEIS dataset (Watson et al., 2006; 

Lawrence et al., 2006).  Beneath the northern TAMs, the models constrain another region of 

anomalously low P- and S-wave velocities, extending laterally ~100 km beneath the TAMs front 

and vertically to depths of ~150-200 km, consistent with constraints provided by regional surface 

wave tomography studies (Graw et al., 2016).  The improved lateral resolution provided by the 

current study strongly suggests that the low-velocity anomalies beneath RI and TNB are 

connected by low velocities along the Terror Rift, which are concentrated at ~150-200 km depth 

and which are primarily focused offshore within the Victoria Land Basin.   This suggests that the 

low velocity anomalies are part of the same, larger-scale structure.  I conclude that the source of 

the slow P- and S-wave velocities beneath Terror Rift are associated with Cenozoic extension 

and that the RI and TNB anomalies represent focused regions of partial melting and buoyancy-

driven upwelling. 
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The tomographic observations presented in this study best support a flexural model for the 

TAMs uplift (Stern and ten Brink et al., 1989; ten Brink et al., 1997), which suggests that the 

edge of the EA lithosphere is elevated due to lateral heat conduction from hotter mantle beneath 

the WARS.  The upper mantle structure along-strike of the TAMs is variable, and there are clear 

correlations between the surface topography and the geometry of the imaged low velocities.   

Specifically, the slow velocities beneath Terror Rift between Ross Island and Mt. Melbourne do 

not extend laterally westward and are adjacent to lower surface elevations within the Prince 

Albert Mountains segment of the TAMs.  This is in contrast to the RI and TNB anomalies, which 

do extend beneath the TAMs front and are coincident with higher elevations in the Royal Society 

Range and Deep Freeze Range, respectively.  The results suggest that the RI and TNB anomalies 

may serve as two thermal point loads and that flexure of the EA lithosphere between these 

endpoints causes a down-warp that coincides with lower-elevation Prince Albert Mountains. 

Buoyant mantle contributions to the observed surface topography were estimated using a 

temperature-density-isostasy relationship as well as crustal thickness measurements (Hansen et 

al., 2009; 2016) and shear wave constraints from the current study.  This analysis demonstrates 

that the observed low velocity anomalies would provide a sufficient thermal load to support the 

TAMs elevation.  Thus, based on interpretations of the generated tomographic models, there is 

convincing evidence to support flexural uplift of the TAMs. 
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